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Cambrian quartzite along the western margin of the Blue Ridge near Front Royal, Virginia records significant
penetrative strain under subgreenschist-facies conditions. Strain analyses of the quartzite indicate general flat
tening and octahedral shear strain values up to 1.25 (X:Z up to 5.7:1). Samples with X:Z as low as 1.5:1 have
crystallographic preferred orientations that record a dominance of basal <a> slip and patterns consistent with
coaxial flattening. In most samples quartz has undergone minor amounts of dynamic recrystallization with mean
grain sizes ~4–5 μm. Locally, the quartzite is brittlely deformed, and subgrains and recrystallized bulges are
present along fractures and extinction bands. Fluid-inclusion planes and fluid inclusions along deformation
lamellae are abundant, and quartz FTIR analyses yield average H:106Si values of 1100–3300, indicating fluid
flow and high intragranular water content during deformation. Higher strain samples generally record lower
water contents, which may indicate that fluids migrated to grain boundaries during deformation. Dissolution
microstructures are rare in high strain samples, and we interpret most strain to have been accommodated by
dislocation creep. Thermal modeling of zircon low-temperature thermochronology data coupled with quartz caxis opening angle thermometry suggest deformation temperatures were likely ~250–280 ◦ C. These deformation
temperatures are lower than what is typically considered the brittle-plastic transition in quartz. We attribute
localization of this high strain zone and dislocation creep at these temperatures to hydrolytic weakening and a
relatively low strain rate estimated to be ~10− 15 s− 1.

1. Introduction
The rheology of quartz is fundamental to understanding deformation
of continental crust. Given that quartz commonly forms an inter
connected weak phase in mid-crustal shear zones, quartz rheology may
govern crustal strength, and strength profiles commonly rely on
quartzite flow laws. Quartz deformation conditions near the brittleplastic transition (BPT) are particularly important. Peak strength of
the crust resides at the BPT (e.g., Sibson, 1983; Kohlstedt et al., 1995;
Behr and Platt, 2014), which may act as the primary load-bearing re
gion, controlling the state of stress throughout the crust and affecting the
distribution, rate, and style of deformation.
Several factors influence quartz deformation near the BPT, including
strain rate, temperature, differential stress, and water content. Unfor
tunately, accurately quantifying these parameters in naturally deformed
rocks is difficult, and deformation experiments must be carried out at

strain rates >4 orders of magnitude faster and temperatures significantly
higher than those recorded by natural shear zones. The transition from
dominantly brittle fracturing to intracrystalline plastic flow in naturally
deformed quartz is commonly presented as temperature-dependent,
with ~300 ◦ C widely referenced as the transition temperature (e.g.,
Sibson, 1977; Passchier and Trouw, 2005; Fossen, 2016). In crustal-scale
fault zones the BPT temperature should increase with increasing strain
rate, increasing pore fluid pressure, and decreasing intragranular water
content. In addition, the BPT is predicted to occur at higher stresses and
lower temperatures in a thrust fault regime compared to strike-slip and
normal fault regimes, although constraints from ductile shear zones do
not always support this prediction (e.g., Behr and Platt, 2014). Dislo
cation creep conditions just below the BPT in normal-sense shear zones
deformed at strain rates of 10− 11 s− 1 to 10− 14 s− 1 range from ~300 ◦ C to
350 ◦ C with peak stresses recorded by mean dynamically recrystallized
grain sizes of ~4–20 μm (Gueydan et al., 2005; Behr and Platt, 2011,

* Corresponding author.
E-mail address: john.singleton@colostate.edu (J.S. Singleton).
https://doi.org/10.1016/j.jsg.2020.104109
Received 27 February 2020; Received in revised form 31 May 2020; Accepted 1 June 2020
Available online 23 June 2020
0191-8141/© 2020 Elsevier Ltd. All rights reserved.

J.S. Singleton et al.

Journal of Structural Geology 140 (2020) 104109

2013; Gottardi and Teyssier, 2013; Singleton et al., 2018). Estimates of
the BPT temperature in quartz mylonites from strike-slip shear zones
deformed at strain rates of 10− 12 s− 1 to 10− 14 s− 1 range from ~280 ◦ C to
310 ◦ C, with peak stresses recorded by a mean dynamically recrystal
lized grain size of ~5–7 μm (Stöckhert et al., 1999; Stipp et al., 2002,
Stipp and Kunze, 2008; Faleiros et al., 2010). Several studies of quartz
deformation in thrust regimes deformed at strain rates of 10− 12 s− 1 to
10− 16 s− 1 document crystal plastic strain near the BPT at temperatures
≤300 ◦ C and mean recrystallized grain sizes ~5–15 μm (Voll, 1976;
Koch and Masch, 1992; Dunlap et al., 1997; Küster and Stöckhert, 1999;
van Daalen et al., 1999; Hirth et al., 2001; Trepmann and Stöckhert,
2009; Kidder et al., 2012; Kjøll et al., 2015). The quartz BPT temperature
in Alpine thrust nappes has been estimated to be ~270–275 ◦ C (Voll,
1976; van Daalen et al., 1999), and several studies of thrust zones sug
gest that quartz crystal-plastic strain may have occurred at temperatures
as low as ~250 ◦ C (Dunlap et al., 1997; Trepmann and Stöckhert, 2009;
Kidder et al., 2012). Given that significant crystal-plastic strain in quartz
is typically thought to require temperatures ≥~300 ◦ C, understanding
the conditions that facilitate lower-temperature strain commonly
inferred in thrust systems is important. Fluids may play an important
role in accommodating this low-temperature strain, as hydrolytic
weakening of quartz promotes dislocation glide at lower temperatures
(e.g., Griggs, 1967; Blacic, 1975). However, few studies of natural shear
zones have quantified both deformation conditions and quartz intra
granular water content near the BPT. The ability of quartz to undergo
dislocation creep at such low temperatures has important implications
for the strength and behavior of crustal-scale fault zones. In thrust re
gimes décollements commonly record deformation in the ~250–300 ◦ C
range, so the rheology of quartz under these conditions may exert a
significant influence on critical taper and the architecture of orogenic
wedges.
In this study we investigate the strain and rheological behavior of
quartzite deformed near the BPT in subgreenschist-facies conditions. We
evaluate strain geometry and magnitude, deformation mechanisms,
quartz crystallographic preferred orientations, water content, and the
thermal history of this quartzite with the goal of constraining defor
mation conditions and understanding how significant penetrative strain
may be accommodated below typical quartz BPT temperatures.

loss (~50–60+%) during late Paleozoic tectonism (Mitra, 1979; O’Hara,
1988; Bailey et al., 1994, 2007a). Mitra (1976, 1978) documented
flattening strains within the Weverton Formation quartzite along the
flanks of the Blue Ridge anticlinorium near the Virginia-Maryland
border, with axial strain ratios approaching 7:1 along the north
western, overturned limb of the anticlinorium. Regionally,
dissolution-precipitation creep is the dominant deformation mechanism
in the Chilhowee Group along the limbs of the anticlinorium, but
dislocation creep is important in high strain zones along the northwest
limb (Mitra, 1978, 1987), and in low strain samples rhomb-dominated
quartz crystallographic preferred orientations may be produced by
Dauphiné twinning (Rahl et al., 2018). In the Valley and Ridge province
near the boundary with the Blue Ridge a gradational “tectonic front”
separates quartzite that has undergone penetrative plastic strain to the
east from quartzite that lacks appreciable penetrative strain and records
primarily brittle deformation mechanisms west of the front (Fellows,
1943; Mitra, 1987). Grain-scale deformation of orthoquartzite/quartz
arenite in the Valley and Ridge province has primarily occurred via
cataclastic flow and extension fracturing (Mitra, 1987; Onasch et al.,
2010).
3. Deformation of the Chilhowee Group near Front Royal,
Virginia
3.1. Macroscale deformation
The western margin of the Blue Ridge in northern Virginia is bound
by a SE-dipping thrust system that typically places Proterozoic basement
rocks and Lower Cambrian Chilhowee Group strata over upper
Cambrian to Ordovician strata. Near the town of Front Royal, the main
frontal thrust fault splays into an E-W striking fault within the basement
and the SE-dipping Happy Creek thrust fault that carries Antietam
Formation quartzite in the hanging wall (Fig. 1, Wickham, 1972; Rader
and Biggs, 1975; Lukert and Nuckols, 1976; Southworth et al., 2009).
Our study area centers on the Antietam Formation exposed along the
southern portion of the Happy Creek fault (Fig. 1). The Chilhowee Group
in this area is folded into tight NE-trending anticlines and synclines with
overturned northwest limbs and steeply SE-dipping axial surfaces
(Figs. 2, 3). Pelitic intervals in the Harpers Formation record a
SE-dipping axial planar cleavage (Figs. 2, 3a). Near the Happy Creek
fault, the Antietam Formation is commonly brecciated. These brecciated
zones are up to several hundred meters wide and vary from proto
cataclasite to crackle breccia in which bedding is still evident. Locally
the Antietam Formation records a significant amount of penetrative
strain, defining a foliation and stretching lineation (Figs. 4 and 5).
Within this high strain zones Skolithos burrows in the Antietam Forma
tion are stretched at a high angle to steeply-dipping bedding (Fig. 4). The
thickness of the high strain zone is not well constrained due to limited
exposure, but based on our cross-section analysis it is most likely be
tween ~10 m and 40 m thick (Fig. 2). Foliation in this high strain zone
appears to be gently folded about a NE-plunging axis (Fig. 3b). This
inferred fold axis has a similar orientation to the overall bedding fold
axis, but the eigenvalues of poles indicate that the degree of foliation
folding is less than that recorded by bedding. The G value, which
quantifies the extent to which structural data define a girdle distribution
compatible with folding about the minimum eigenvector (e.g., Vollmer,
1990), is 0.45 for poles to bedding and 0.28 for poles to foliation in the
Antietam Formation. The presence of these fabrics at a high angle to
bedding and evidence for gentle folding about a NE-plunging axis sug
gests that penetrative strain in the Antietam Formation developed dur
ing the late stages of folding along the western limb of the Blue Ridge.
Penetrative strain appears to be concentrated near the stratigraphic base
of the Antietam Formation, only locally extending into the brecciated
zone (Figs. 2 and 6). This spatial pattern indicates that strain is not
directly linked to the Happy Creek thrust fault.

2. Geologic setting
The Blue Ridge Mountains in the eastern United States comprise a
major basement massif in the Appalachian orogen. Blue Ridge basement
rocks record a complex tectonic history that includes high-grade
regional metamorphism and plutonism during the Mesoproterozoic
Grenville Orogeny, Neoproterozoic rifting, multiple phases of Paleozoic
contractional deformation, and localized Mesozoic extension. Between
southern Virginia and southern Pennsylvania, the Blue Ridge forms a
NE-trending anticlinorium cored by Proterozoic basement. Along the
flanks of the anticlinorium basement rocks are nonconformably overlain
by the Lower Cambrian siliciclastic Chilhowee Group, which from bot
tom to top consists of the Weverton Formation, Harpers Formation, and
the Antietam Formation. The anticlinorium developed above a NWvergent thrust system during the Pennsylvanian-Permian Alleghanian
Orogeny (e.g., Hatcher, 1989), although widespread greenschist-facies
metamorphism and deformation within the basement initiated in the
Late Devonian (~360 Ma) and continued until the early stages of Alle
ghanian shortening (e.g., Bailey et al., 2006). Cambrian and younger
strata along the northwestern limb of the anticlinorium and adjacent
Valley and Ridge Province record intense NW-vergent shortening but
lack the pervasive metamorphism that characterizes the basement (e.g.,
Wickham, 1972; Southworth et al., 2009).
Several previous structural studies have documented deformation
conditions within the Blue Ridge and Valley and Ridge province. NWvergent, reverse-sense shear zones in Proterozoic Blue Ridge basement
rocks record penetrative flattening strains and locally significant volume
2
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Fig. 1. Geologic map of the western margin
of the Blue Ridge northeast of Front Royal,
Virginia (based on mapping by Southworth
et al. (2009), Lukert and Nuckols (1976),
Rader and Biggs (1975), and Edmundson
and Nunan (1973), with minor modifications
from our fieldwork). The inset shows the
major geological provinces in Virginia with
the map area labelled in red. Coordinates
along the margins of the map are in UTM
WGS 84 format, and the hillshade back
ground is from 1-m-resolution LiDAR data.
Cross section A-A′ is shown in Fig. 2. (For
interpretation of the references to color in
this figure legend, the reader is referred to
the Web version of this article.)

Fig. 2. Geologic cross section highlighting the deformation geometry of Chilhowee Group strata in the hanging wall of the Happy Creek thrust fault (based entirely
on our mapping). See Fig. 1 for the cross-section location and unit explanation (CCh1 is dominantly metasiltsone, whereas CCh2 is metasandstone). The black and red
lines at the surface show the apparent dip of bedding and cleavage, respectively, and the blue ellipses show the axial ratio along the section line from 3D strain
analyses. (For interpretation of the references to color in this figure legend, the reader is referred to the Web version of this article.)

3.2. 3D strain geometry

Lisle, 1985) on oriented thin sections from 15 samples (12 Antietam
Formation samples and 3 Harpers Formation samples). In all these
samples the boundaries of detrital grains and/or detrital grains with
optically continuous quartz overgrowths are clear and well suited for use

To quantify the 3D strain magnitude and geometry of penetrative
strain in the Chilhowee Group we used the Rf/ϕ method (Ramsay, 1967;
3
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Fig. 3. Stereoplots of structural data from the Chilhowee Group in the area shown in Fig. 1. A: Poles to bedding (Weverton and Harpers Formation = blue; Antietam
Formation = red; overturned beds are hollow) with a cylindrical best fit (solid great circle). The black diamond is the pole to the cylindrical best fit (minimum
eigenvector, oriented 42/21). The dashed great circles are cleavage planes in the Harpers Formation (with the bold great circle representing the mean plane, oriented
34/63 SE). Point (P), Girdle (G), and Random (R) values from eigenvalues of poles to bedding are P = 0.436, G = 0.448, R = 0.116. Sources of bedding data: n = 47
from this study, n = 17 from Southworth et al. (2009) and n = 8 from Edmundson and Nunan (1973). B: Moderate to high strain fabrics in the Antietam Formation
(data from this study); Solid great circles are foliation planes measured in outcrop; dashed great circles are foliation (X-Y) planes calculated from 3D strain analysis,
and the black diamond is the minimum eigenvector of poles to all foliation planes (oriented 66/19), which we interpret as a fold axis. The red solid circles are
stretching lineations measured in outcrop; the hollow red circles are X-axes calculated from 3D strain analyses, and the red square is the maximum eigenvector of all
lineations/X-axes, oriented 131/11. For poles to foliation: P = 0.667, G = 0.281, R = 0.051. (For interpretation of the references to color in this figure legend, the
reader is referred to the Web version of this article.)

Fig. 4. Outcrop photographs of high-strain fabrics in the Antietam Formation. The black line in A and C parallels the trace of foliation, and the pencil in B and C
parallels stretched Skolithos burrows. Foliation dips gently SE in A (sample 14-11-11 location), and the stretched Skolithos in B and C trend NE-SW and plunge
shallowly (sample 14-11-6 location).

as strain markers, and the Antietam Formation is orthoquartzite with
very little to no mica or detrital grains other than quartz. For each
sample we cut 3 mutually perpendicular thin sections oriented with
respect to bedding or, if evident, foliation. For each thin section >100
well-defined detrital quartz grains were traced from photomicrographs
using Adobe Illustrator or the Adobe Draw app for tablets. Photomi
crographs used for tracing were taken in plane-polarized light and
cross-polarized light with the gypsum plate inserted in order to enhance
identification of grain boundaries. Altogether we traced an average of

492 grains per sample to define the 3D strain geometry of the 15 sam
ples, and we determined 2D strain from one additional sample (Fig. 7,
Table 1, Supplementary Files 1, 2). Ellipses were fit to grain tracings
using the software program SAPE (Mulchrone et al., 2005; 6 samples
with names starting with 14) or EllipseFit (Vollmer, 2018; all 10 other
samples; Table 1). All mean R and ϕ values were calculated in EllipseFit
using the shape matrix eigenvector method with an error calculated
from bootstrap analysis of 1000 resamples (Shimamoto and Ikeda, 1976;
Vollmer, 2018). In all sections the 2σ error on the mean ellipse ratio (R)
4
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Fig. 5. Photomicrographs of high-strain Antietam Formation samples cut parallel to subparallel to the X:Z plane (cross-polarized light with gypsum plate). Detrital
quartz grains are elongate parallel to the macroscopic foliation. A) sample 14-11-6, B) sample 150602–1, C) sample 150602-3. See Table 1 for sample coordinates and
3D strain data and Supplementary Files 1 and 2 for 2D strain data.

Fig. 6. Geologic map with location of samples analyzes for finite strain and zircon (U–Th)/He thermochronology (ZHe). The red and yellow samples are high strain
and moderate strain Antietam Formation. Ɛ = octahedral shear strain. See Fig. 1 for unit explanation, bedding and foliation dip values, and sources of mapping. (For
interpretation of the references to color in this figure legend, the reader is referred to the Web version of this article.)
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Fig. 7. Flinn plot (left) and Nadai-Hsu plot (right) showing strain geometry from 3D strain analysis of Antietam Formation samples (blue) and Harpers Formation
samples (red). The error boxes show the 95% confidence region. X, Y, and Z are the principal finite strain axes, Ɛ = octahedral shear strain, and V = Lode’s ratio. The
4 samples with white crosses have stylolitic grain boundaries and/or dissolution seams. Strain analyses were carried out using Vollmer’s computer program EllipseFit
(Vollmer, 2018); see text for method details. (For interpretation of the references to color in this figure legend, the reader is referred to the Web version of
this article.)

is 4–9%, with an average error of 5.3% (Supplementary File 1). On Rf/ϕ
plots moderate to high strain samples have well-defined normal distri
butions centered on the calculated ϕ value (Supplementary File 2). All
ellipsoids were calculated in EllipseFit using the Shan method (Shan,
2008) with errors based on bootstrap perturbation with 5000 resamples.
In nearly all samples the ellipsoid errors are small (Table 1), defining a
specific region on a Flinn and Hsu diagram (Fig. 7). Strain magnitudes
are presented as octahedral shear strain (Ɛ), where
√̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅
1
ε = √̅̅̅ (ln Sx − ln Sy )2 + (ln Sy − ln Sz )2 + (ln Sz − ln Sx )2 ,
3

strain samples. In high strain samples most grains have deformation
lamellae, which are typically spaced ~2.5–4 μm apart and oriented
≤45◦ from grain long axes (Fig. 8A–C). Deformation lamellae are
commonly decorated with fluid inclusions. In addition, fluid-inclusion
planes are pervasive in all Antietam samples, commonly transecting
grain boundaries (Fig. 8C and D). The association of fluid inclusions with
deformation lamellae and the continuation of fluid inclusion planes
across grain boundaries indicates that fluids responsible for the in
clusions were associated with quartzite deformation (rather than being
inherited from the sedimentary source).
Minor zones of dynamically recrystallized quartz are locally present
along grain margins and extinction bands in the Antietam Formation
(Fig. 8D–F). These zones of dynamic recrystallization are more common
in the higher strain samples, although we observed them in all but the 4
lowest strain Antietam samples, and recrystallized grains comprise ≤1%
area in all samples. Recrystallized grains are consistently small (<10
μm) and commonly irregular in shape and dimension (Fig. 8D and E).
Where present dynamic recrystallization is usually incomplete, with
subgrains and sutured boundaries of larger grains typically present
along with recrystallized grains. The relatively low amount of dynamic
recrystallization, small grain size, and association of recrystallized
grains with grain boundary bulges similar in size indicate that bulge
nucleation was an important dynamic recrystallization process.
Recrystallized grains are also associated with subgrains similar in size,
indicating that subgrain rotation also played a role in dynamic
recrystallization.
The three highest strain Antietam samples (Ɛ = 0.93–1.25; Table 1)
record evidence of brittle-plastic strain. Discrete extinction bands that
resemble both wide extinction bands and localized extinction bands
according to the Derez et al. (2015) classification scheme are common in
these samples (Fig. 8F). Many of these bands record bulging and
apparent minor dynamic recrystallization, although similar granular
textures associated with localized extinction bands have been inter
preted to record fracturing modified by solution-precipitation processes
(Derez et al., 2015). Most localized extinction bands are oriented <60◦
from the grain long axes, and commonly record micron-scale opening
perpendicular to the bands or normal-sense shear offset of older
extinction bands and/or grain boundaries (Fig. 8F). In oriented X-Z thin
sections these normal-sense offsets are both top-SW and top-NE, and

and Sx, Sy, and Sz are the stretches along the principal finite strain axes
(X, Y, Z).
Strain analyses indicate that the Antietam Formation locally records
significant penetrative strain, with calculated X:Z ratios up to 5.7:1 and
Ɛ values up to 1.25. The 6 highest strain samples with Ɛ>0.5 all record
oblate strain geometries (general flattening; Flinn k-values = 0.21–0.55;
Lode’s ratio values = 0.21–0.59) with ~34–61% shortening along the Zaxis and ~33–120% elongation along the X-axis (Table 1). The calcu
lated strain axis orientations match macroscopic foliation and lineation
measurements, with N- to SE-dipping X-Y planes and X-axes that plunge
NW or SE (Supplementary File 3). The remaining oriented samples,
including all 3 Harpers Formation samples, record relatively little
penetrative strain (Ɛ = 0.16–0.33, X:Z = 1.2–1.6) and variable strain
geometries (Fig. 7, Table 1). One Harpers Formation very fine-grained
metasandstone sample records a nearly perfect oblate strain ellipsoid
(k = 0.06) oriented parallel to SE-dipping axial planar cleavage observed
at the outcrop, and the other two Harpers Formation samples also record
E-to SE-dipping X-Y planes similar to cleavage orientations observed in
the area (Supplementary File 3). Most of the calculated strain axis ori
entations in the low-strain Antietam Formation samples are generally
compatible with either fabrics in the Antietam high-strain zone or
cleavage in the Harpers Formation (Supplementary File 3).
3.3. Microscale deformation
Microstructures indicative of intracrystalline plastic strain are
abundant in the Antietam Formation. Sweeping extinction, deformation
lamellae, and extinction bands in quartz grains are common, even in low
6
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We estimated quartz dynamically recrystallized grain sizes for 9
Antietam Formation samples by tracing >200 recrystallized grains per
sample on photomicrographs of the highest strain sections, converting
grain area to an equivalent circular diameter. The root mean square
(RMS) grain size ranges from 3.3 μm to 7.1 μm. Most samples record
RMS grain sizes ~4–5 μm, and the average RMS grain size for all 9
samples is 4.8 ± 1.1 μm (±1σ standard deviation; Fig. 9). The 3 highest
strain samples (with Ɛ = 0.93–1.25) record an average RMS grain size of
3.8 ± 0.5 μm (Fig. 9). In all samples the RMS grain size is 0.1–0.6 μm
greater than the arithmetic mean, geometric mean, and median grain
size. The range of grain sizes in any given sample is narrow, with a mean
standard deviation of ~1.2 μm (Fig. 9).
Dynamically recrystallized grain size is a function of differential
stress during recrystallization and appears to be independent of tem
perature, strain rate, or water content (e.g., Mercier et al., 1977; Twiss,
1977; Stipp and Tullis, 2003; Stipp et al., 2006). In addition, grain sizes
associated with very minor magnitudes of bulging recrystallization
appear to faithfully record differential stress, suggesting formation of a
steady-state fabric is not needed for application of the quartz piezometer
(Kidder et al., 2012). Most rheologic studies of quartz deformation use
the experimentally calibrated recrystallized grain size piezometer of
Stipp and Tullis (2003). A calibration correction to this piezometer
proposed by Holyoke and Kronenberg (2010) shifts stress magnitudes
down ~27%. Over the past 10 years this correction has been inconsis
tently applied, and the accuracy of quartz piezometry is unclear.
Application of the Stipp and Tullis (2003) piezometer to the Antietam
samples yields differential stress magnitudes ranging from 141 MPa to
259 MPa, with a mean of 200 MPa, or 103 MPa to 190 MPa with a mean
of 146 MPa with the Holyoke and Kronenberg (2010) correction (Fig. 9).
Higher stresses indicated by the uncorrected Stipp and Tullis (2003)
piezometer are more consistent with the presence of deformation
lamellae, which Blenkinsop and Drury (1988) interpret to form at dif
ferential stresses of at least 170 MPa. In addition, the deformation
lamellae spacing of ≤4 μm in the Antietam Formation suggests differ
ential stresses of ≥178 MPa based on the quartz deformation lamellae
spacing piezometer calibrated in experiments by Koch and Christie
(1981).
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3.4. Quartz dynamically recrystallized grain size and piezometry

150602-3
150602-1
14-11-6
14-11-11
150602-2
15-6-8
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14-11-7
15-6-4
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14-11-5
15-4-1
15-6-6
DrByc (2D)
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overall there is no clear dominant sense of shear. Extinction bands
associated with shear are typically ~3–20 μm wide, but locally they thin
into discrete fractures. Shear fractures, localized extinction bands, and
cataclasite zones 100s of μm thick are abundant in the highest strain
sample (150602-3), where they commonly transect the entire thin sec
tion (Fig. 8G). Extinction bands within grains locally have a fibrous
quartz habit overprinted by subgrain development and minor bulging
recrystallization, suggesting at least some of these bands originated as
veins (Fig. 8H). Cathodoluminescence (CL) is likely needed to under
stand brittle processes responsible for formation of the fluid-inclusion
planes and extinction bands (e.g., Milliken and Laubach, 2000; Anders
et al., 2014).
In most Antietam Formation samples thin (≤100 μm) quartz rims are
present along a small percentage of grain margins. These rims are
typically fibrous and commonly contain trace amounts of very fine
(~3–30 μm long) mica, suggesting they precipitated as fringes during
dissolution-precipitation creep. Compared to the detrital grains, these
rims preferentially record subgrain development and minor bulging +
subgrain rotation recrystallization (Fig. 8H). Sutured or indented grain
boundaries that likely record dissolution (pressure solution) are present
in all samples, although consistently irregular and/or stylolitic grain
boundaries are only common in two low strain Antietam samples
(Ɛ≤0.27; samples 14-11-9 and 15-4-1; Table 1; Fig. 8I). Minor subgrain
development and bulging are locally present along sutured grain
boundaries.
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Sample

Table 1
Sample information and 3D strain data. Sample coordinates are in UTM (Universal Transverse Mercator) WGS 84, zone 17. Sx, Sy, and Sz = calculated stretch along the principal finite strain axes (X, Y, Z). All samples except
150602-3 and DrByc-650 are oriented. Ellipsoids were calculated using the Shan method (Shan, 2008) in EllipseFit (Vollmer, 2018); errors were calculated using bootstrap perturbation with sigma 3.0 and 5000 resamples
X
Y
(default EllipseFit settings); rms = root mean square measure of the variation of the residuals from the ellipse; dist = distance; k-value = Flinn’s k-value = ( -1)/( -1); ν = Lode’s parameter = (2ln Sy -ln Sx -ln Sz)/(ln Sx -ln
Y
Z
√̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅
1
Sz); Ɛ = octahedral shear strain = √̅̅̅ (ln Sx − ln Sy )2 + (ln Sy − ln Sz )2 + (ln Sz − ln Sx )2 . See Supplementary Files 1 and 2 for 2D strain data.
3
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Fig. 8. Photomicrographs of Antietam Formation samples in cross-polarized light with gypsum plate inserted. A), B), and C) Deformation lamellae and parallel trails
of fluid inclusions (in samples 14-11-6, 14-11-11 and 150602-1, respectively). D) Minor quartz dynamic recrystallization and subgrain development along grain
margins (sample 14-11-11); E) Quartz dynamic recrystallization and subgrain development (sample 150602-3); F) Extinction bands locally associated with shear
displacement, bulging, and subgrain development; sample 150602-1); G) Shear fractures with minor quartz subgrain development and bulging (sample 150602-3);
H) Example of fibrous quartz vein fill (center) and fringe (bottom right) that has undergone subgrain development and minor dynamic recrystallization (sample 15-68); I) Stylolitic grain boundaries formed by dissolution (sample 15-4-1).

3.5. Quartz crystallographic fabrics

detrital grains (>600) to sufficiently characterize the bulk CPO. The
EBSD data were processed and analyzed using the MTEX toolbox for
Matlab (Hielscher and Schaeben, 2008). Low-quality data with mean
angular deviation (M.A.D.) values > 1.0 were removed from the anal
ysis. Given the large grain size relative to sampling step size (mean
detrital grain diameter typically ~0.2–0.6 mm) and the relatively large
total area covered by EBSD analyses, we present all the data points
analyzed in the pole figures to best characterize the CPO within the
sample volume. Fabric parameters were calculated in MTEX using al
gorithms from Mainprice et al. (2015), and we use the J-factor index
(Bunge, 1982) and M-index (Skemer et al., 2005) to evaluate CPO
strength.
All quartz pole figures are presented on lower hemisphere stereoplots
in the finite strain X:Z reference frame with the southeast side of the Xaxis on the right (Fig. 10). This reference frame was determined by 3D
strain analyses, which yielded well-defined finite strain axis orientations
(Table 1).

3.5.1. EBSD methods
We studied 6 Antietam Formation samples using electron backscatter diffraction (EBSD) to characterize the crystallographic
preferred orientations (CPOs) of quartz. Analyses were performed on
standard polished thin-sections, each treated with a final chemicalmechanical polishing step using a colloidal silica slurry. We used a
Zeiss EVO MA 15, Scanning Electron Microscope (SEM) at Washington
and Lee University with an Oxford Instruments EBSD detector and Aztec
software. Operating conditions included an accelerating voltage of 25
kV, a probe current of 20–25 nA, and a working distance between 15 and
25 mm. To avoid charging issues, the SEM operated in low-vacuum with
a pressure of 30 Pa.
For samples 14-11-6 and 14-11-11 EBSD data were collected along
an x-y grid on a series of non-overlapping maps (375 × 500 μm) at a step
size of 30–50 μm. For all other samples, the data were collected at a step
size of 4–25 μm using the Large Area Mapping feature in Aztec, with
points collected on individual maps (300 × 400 μm) that were then
merged together into a single large map within Aztec. In all samples
these EBSD maps covered a sufficiently large enough area and number of

3.5.2. Crystallographic fabrics
The 6 Antietam Formation samples analyzed for EBSD include 2 high
strain samples (Ɛ = 0.9–1.1; samples 150602-1 and 14-11-6), 3
8
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Fig. 9. Histogram and table of dynamically recrys
tallized grain sizes from 9 Antietam Formation sam
ples. Grain sizes were determined by tracing 202 to
353 recrystallized grains per sample and converting
area to an equivalent circular diameter. The histo
grams in red are the 3 highest strain samples (1506023, 150602-1, and 14-11-6). geo.mean = geometric
mean grain size; RMS = root mean square grain size;
σd = differential stress based on the Stipp and Tullis
(2003) grain size piezometer. (For interpretation of
the references to color in this figure legend, the reader
is referred to the Web version of this article.)

moderate strain samples (Ɛ = 0.5–0.7; samples 14-11-11, 150602-2, and
15-6-8), and 1 low-strain sample (Ɛ = 0.3; sample 15-6-5) (Fig. 10,
Table 2). All samples have moderate to well-defined quartz CPOs with a
J-factor index >1.5, including sample 15-6-5 with a mean X:Z of only
1.54. CPO strength generally correlates with strain, but all samples have
similar patterns. C-axes cluster around the Z-axis, whereas a-axes form
broad, weakly-defined girdles subparallel to the X-Y (foliation) plane
(Fig. 10). In some samples (e.g., 14-11-11) the concentration of c-axes
form two point maxima centered on the Z-axis, whereas in other samples
(e.g., 150602-1) the c-axes appear to be clustered in one point maxima
near the Z-axis (Fig. 10). The single point maxima distributions resemble
c-axis patterns in quartzite deformed experimentally by Tullis et al.
(1973) at relatively low-temperature and/or high strain rates under
uniaxial flattening conditions. In the 4 highest strain Antietam samples
the c-axes maxima are connected by a weakly defined girdle, whereas
the a-axes are slightly more concentrated near the X-axis (Fig. 10). CPO
fabrics in these 4 samples are symmetric about the finite strain axes,
suggesting coaxial-dominated strain. Sample 15-6-8 is the only one with
clear asymmetry. The c-axis maxima and the a-axis girdle in 15-6-8 are
counterclockwise of the Z-axis and X-Y plane, respectively, suggesting a
component of top-NW shear (Fig. 10).
The CPO patterns in the Antietam samples resemble quartz fabrics
predicted to form during general flattening strain (associated with
oblate triaxial strain ellipsoids). That is, the fabrics are intermediate
between uniaxial flattening (with small-circle c-axis girdles around the
Z-axis and two a-axis great circle girdles at a low angle to the X-Y plane)
and plane strain (with a c-axis type 1 crossed girdle and 4 a-axis maxima
near the X-axis) (Lister and Hobbs, 1980; Schmid and Casey, 1986). This
strain geometry inferred from CPOs is consistent with the 3D strain
analyses of these samples, which indicate a general flattening strain with
Flinn k-values ~0.2–0.5 (Table 1).

4. Deformation conditions and rheology of penetrative strain in
the Antietam Formation
4.1. Deformation mechanisms
Microstructures in the Antietam Formation provide insight into
quartz deformation mechanisms. In the high strain Antietam samples,
abundant deformation lamellae, minor zones of dynamic recrystalliza
tion, and the presence of a well-defined crystallographic preferred
orientation clearly indicate that dislocation creep was important during
penetrative deformation. Quartz deformation lamellae are common in
rocks that have undergone relatively low-temperature dislocation creep,
where they usually represent dislocation tangles or subgrain walls (e.g.,
White, 1973; Blenkinsop and Drury, 1988; Drury, 1993; Trepmann and
Stöckhert, 2003). The orientations of deformation lamellae in a sample
of high strain Antietam Formation (from a location near samples 14-11-6
and 150602-1) were studied by Wickham (1972), who demonstrated
that lamellae were most commonly oriented 5–25◦ from basal planes
(with ~95% oriented <45◦ ). Quartz basal planes have a preferred
orientation subparallel to foliation, consistent with lattice reorientation
dominantly via basal <a> slip.
The 3 highest strain Antietam samples also record minor brittle
deformation in the form of intragranular quartz veins and extinction
bands/discrete fractures with shear displacement. These structures
helped accommodate grain elongation, and the apparent lack of a
preferred vein or shear fracture orientation suggests they contributed to
an overall coaxial strain, consistent with the CPO symmetry. Bulging,
subgrain development, and minor recrystallization are preferentially
developed along these structures, indicating dislocation creep and
brittle strain were coeval. The Antietam Formation high strain zone thus
records coaxial strain at or near the brittle-plastic transition.
The presence of sutured grain boundaries and fibrous quartz fringes
along some grains point to dissolution-precipitation creep as another
deformation mechanism in the Antietam Formation. Quantifying the
strain contribution from dislocation creep vs. dissolution-precipitation
creep is difficult (e.g., Mitra, 1976). Although sutured or indented
9
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Fig. 10. Lower-hemisphere pole figures of quartz c-axes (0001) and a-axes (1120) from EBSD analysis of 6 Antietam Formation samples (arranged from highest strain
in the top left to lowest strain in the bottom right). All pole figures are presented in the X-Z reference frame with the southeast side of the X-axis on the right. n = the
number of data points; the number of grains is based on a minimum of 4 points per grain; m.u.d. = multiples of uniform distribution contour interval. EBSD data were
processed and analyzed using the MTEX toolbox for Matlab (Hielscher and Schaeben, 2008).
Table 2
EBSD data and c-axis opening angle values from Antietam Formation samples. Fabric parameters were calculated in MTEX using algorithms from Mainprice et al.
(2015); J-factor (Bunge, 1982) and M-index (Skemer et al., 2005) are measures of crystallographic preferred orientation strength; P, G, and R values are based on
eigenvalues of c-axes and quantify the extent to which data form a point-maxima (P), girdle (G), or random (R) distribution (Vollmer, 1990); OA = opening angle in
degrees. C-axis OA values at 10◦ and 5◦ half-widths are from the automated symmetry analysis method of Hunter et al. (2018), and the temperature is based on the
mean c-axis opening angle using the calibration of Faleiros et al. (2016) and uncertainty interpreted to be at least ±50 ◦ C.
SAMPLE

ν (Lode’s

ε (octahedral

J-factor

M-index

P

G

R

c-axis OA
(manual
estimate)

c-axis OA
(10◦ halfwidth)

c-axis OA
(5◦ halfwidth)

c-axis OA
(mean)

Temperature
±
error (◦ C)

150602–1
14-11-6
14-11-11
150602–2
15-6-8
15-6-5

0.21
0.36
0.43
0.46
0.59
0.66

1.12
0.93
0.68
0.64
0.53
0.33

2.280
3.251
2.304
1.508
1.508
1.519

0.102
0.177
0.090
0.043
0.032
0.028

0.35
0.45
0.33
0.20
0.21
0.17

0.09
0.15
0.12
0.14
0.02
0.08

0.56
0.40
0.55
0.66
0.77
0.75

no solution
32 ± 1
29 ± 1
38 ± 2
33 ± 3
48 ± 1

no solution
24.5
29
36
30.5
50.5

no solution
33.5
27.5
34.5
27.5
48.5

no solution
30.0
28.5
36.2
30.3
49.0

no solution
255 ± 50
245 ± 50
298 ± 50
257 ± 50
386 ± 50

parameter)

shear strain)

grain boundaries that likely record dissolution are common, stylolitic
grain boundaries that clearly record pervasive dissolution are only
widespread in two low strain samples (15-4-1 and 14-11-9).
Dissolution-precipitation creep is frequently associated with volume
loss, particularly in argillaceous rocks but also in quartzofeldspathic
shear zones in the Blue Ridge (O’Hara, 1988; Newman and Mitra, 1993;
Bailey et al., 1994, 2007a). Quartz-rich rocks lacking micas may also

experience true volume loss during dissolution-precipitation creep, as
some component of dissolved quartz typically leaves the system at the
sample scale (e.g., Mosher, 1987; Onasch, 1994). To evaluate potential
volume loss in the Antietam Formation we used geochemical data from
10 samples with a range of strain values (Supplementary File 4). Volume
loss should increase the relative concentration of immobile elements
such as Zr, Al, and Ti (e.g., O’Hara, 1990) and may result in an apparent
10
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Fig. 11. Concentration of immobile elements (Zr,
Al2O3, Y, Hf, and TiO2) vs. octahedral shear strain in
10 Antietam Formation samples. Geochemical ana
lyses were performed at ALS Minerals in Reno,
Nevada using x-ray fluorescence (XRF) inductively
coupled plasma (ICP) atomic emission spectroscopy
and ICP mass spectrometry with lithium borate fusion
prior to acid dissolution. The dashed trendlines are
linear regressions of the data. Overall the concentra
tion of these elements does not increase with strain,
suggesting volume loss due to dissolutionprecipitation creep strain was not important.

flattening strain (e.g., Ramsay and Wood, 1973). There is no apparent
correlation between strain and concentration of immobile elements in
the Antietam Formation (Fig. 11). These data indicate that either vol
ume loss via dissolution was insignificant or that the compositional
heterogeneity of the Antietam Formation is too large to clearly detect
volume changes. Flattening strains in the Antietam Formation are most
likely unrelated to volume loss, as quartz CPOs in the moderate to high
strain samples record flattening strain via lattice reorientation during
dislocation creep (which does not involve volume change) (Fig. 10).
Regionally, dissolution-precipitation creep was likely dominant
along the flanks of the Blue Ridge (Mitra, 1987), including within some
high strain zones in the Chilhowee Group (Mitra, 1978). However, Mitra
(1987) noted that the proportion of dislocation creep to
dissolution-precipitation creep strain is higher along the overturned,
western limb of the Blue Ridge anticlinorium. Mitra (1987) determined
2D stretches of 1.8 and 2.1 in two Antietam samples from the high strain
zone near Front Royal using deformed rutile needles within elongate
quartz grains, which may provide good estimates of intracrystalline
finite strain due to dislocation creep (Mitra, 1976; Mitra and Tullis,
1979). These strain values match those we determined in our 3D strain
analyses of the highest strain samples from the same area (Sx = 1.8–2.2;
Table 1). Our strain analyses are based on grain shapes and thus do not
distinguish
between
dislocation
creep
strain
vs.
dissolution-precipitation creep strain. The similarity between these
strain values and the strain values from intragranular rutile deformation
(Mitra, 1987) strongly suggest that the vast majority of strain was
accommodated by dislocation creep.

Based on the microstructural observations and data outlined above,
we interpret quartz dislocation creep to have been the dominant
deformation mechanism in the Antietam Formation high-strain zone,
with basal <a> glide accommodating the majority of penetrative strain.
Dissolution-precipitation creep was locally important in the Antietam
Formation, but dislocation creep is primarily responsible for develop
ment of the Antietam high strain zone near Front Royal.
4.2. Quartzite water content and hydrolytic weakening
4.2.1. FTIR spectroscopy
The abundance of fluid-inclusion planes and deformation lamellae
decorated with fluid inclusions suggest fluids played an important role
in deformation of the Antietam Formation. Intragranular water may
enhance crystal plasticity and significantly lower the strength of quartz
during dislocation creep, an effect known as hydrolytic weakening (e.g.,
Griggs, 1967; Blacic, 1975; Hirth and Tullis, 1992). Numerous studies
have investigated the deformation conditions and rheology of quartz
during dislocation creep, but relatively few studies have quantified
quartz intragranular water content in naturally-deformed tectonites. To
evaluate the possible influence of hydrolytic weakening during pene
trative strain of the Antietam Formation, we determined water content
in 7 samples using Fourier Transform Infrared (FTIR) spectroscopy.
FTIR spectroscopy analyses were performed on doubly-polished
thick sections from 7 Antietam Formation samples – 3 high strain sam
ples (150602-3, 150602-1, 14-11-6), 2 moderate strain samples
(150602-2, 14-11-11), and 2 low strain samples (14-11-9, 15-6-6;

Table 3
FTIR water content data for Antietam Formation samples. strain (Ɛ) = octahedral shear strain from 3D strain analyses; # sites analyzed = number of water content
analysis sites per sample; stdev = 1σ standard deviation of water content values; RMS = root mean square of water content values.
Water content (ppm)*
Sample

strain (ε)

# sites analyzed

range

median

mean

stdev

RMS

15-6-6
14-11-9
150602–2
14-11-11
14-11-6
150602–1
150602–3

0.16
0.27
0.64
0.68
0.93
1.12
1.25

100
100
100
170
87
110
100

6–989
61–1,768
7–1,054
33–2,265
37–1,346
29–1,222
35–388
*ppm=(H:106 Si)/6.67

149
428
111
285
205
163
218

224
498
164
401
296
226
215

211
332
180
366
271
192
72

306
598
243
542
400
296
226
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(1962): C = (0.812 x Ai)/t, where C is H:106 Si, Ai is the integrated
absorbance (cm− 1), and t is sample thickness (cm). Following Gleason
and DeSisto (2008), we report water content as ppm H2O by weight,
which is equal to (H:106 Si)/6.67.
At the exact location of each FTIR analysis we measured section
thickness optically by focusing on the top and bottom surface of the
wafer using a petrographic microscope with a Heidenhain linear
encoder that measures stage height. Uncertainties in thickness ranged
up to ~10 μm and represents the most significant source of uncertainty
in quantifying H2O content. Thus, we report error bars for H2O using the
standard deviation of thickness measurements. For each FTIR analysis
site we used an aperture of 40 × 40 μm and primarily targeted centers of
grains that are clear and free of obvious fluid inclusions. We also
analyzed some hazy sites that contain bands of microfluid inclusions to
compare with the clear sites. In two samples (14-11-6 and 14-11-11) we
analyzed multiple sites (2–7) on several detrital grains to evaluate water

Table 3; Supplementary File 5). The thick sections were removed from
glass slides and cleaned in baths of acetone and ethanol, resulting in
doubly-polished wafers of quartzite ~100 μm thick. The vast majority of
individual quartz crystals in these samples range from ~200 to 700 μm
in equivalent spherical diameter. In most positions the wafer width is
less than this crystal size, creating clear optical pathways that are not
complicated by internal grain boundaries. We used FTIR spectroscopy to
determine the dissolved H2O content in quartz crystals. FTIR spectra
were collected using a ThermoElectron Nicolet iN10 infrared micro
scope and spectrometer operating in mid-IR, from 500 to 4000 cm− 1
with 64 scans and a spectral resolution of 4 cm− 1. Reported H2O con
tents in quartz are determined from the broad absorbance at ~3400
cm− 1, specifically measured as the integrated area of the absorbance
peak above a linear baseline between ~2900 and 3700 cm− 1 (Supple
mentary File 6). Absorbances were converted to molar ppm H2O (H:106
Si) using a modified Beer-Lambert Law following the calibration of Kats

Fig. 12. Histograms showing water content in parts per million (ppm) by weight as a percent of the total analyses. Water content was determined by FTIR. The plot
on the bottom right shows the cumulative distribution of data from all samples. See Table 3 for analysis statistics.
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content homogeneity at the grain-scale. For each sample we analyzed
between 87 and 170 different sites (average 110 sites/sample; Table 3;
Supplementary File 5).

Kronenberg et al., 2020) and experimentally-deformed wet quartzite
(Post and Tullis, 1998; Stipp et al., 2006; Palazzin et al., 2018). Stipp
et al. (2006) and Kronenberg et al. (2020) attribute lower water contents
in higher strain samples to migration of water to grain boundaries
during deformation, where it may be lost during sample preparation or
cannot be accurately analyzed due to grain boundary affects. Water may
be transported from grain interiors to boundaries along microcracks or
via pipe diffusion along dislocations (e.g., Paterson and Luan, 1990;
Bakker and Jansen, 1994; Tarantola et al., 2010). In the Antietam For
mation the abundance of fluid-inclusion planes and deformation
lamellae lined with fluid inclusions suggest that water was able to
migrate to grain boundaries during deformation. Intragranular defor
mation lamellae and extinction bands are most abundant in the high
strain samples, so potential water migration pathways likely increased
during strain. High water content along grain boundaries may still
promote weakening by enhancing dissolution-precipitation creep and
grain-boundary migration/sliding and by increasing water fugacity,
which affects dislocation creep flow stress and strain rates. den Brok
et al. (1994) documented a significant decrease in the strength of
experimentally-deformed quartzite with the addition of water that
remained along grain boundaries and microcracks, suggesting infiltra
tion of water into grain interiors is not required for weakening, and that
migration of water from grain interiors to boundaries may not result in
strengthening.

4.2.2. FTIR results
FTIR results indicate that water content is heterogeneously distrib
uted throughout the Antietam Formation, ranging from <50 ppm to
>1000 ppm by weight in most samples (Fig. 12, Table 3). This hetero
geneity is present at the grain scale, as some neighboring grains have
water contents that vary by as much as a factor of 10. In addition, in
dividual grains with multiple analyses (in samples 14-11-6 and 14-1111) reveal local intragranular heterogeneity (Supplementary Files 5,
6). The 1σ standard deviation of water content within these grains
ranges from <1% to 83% of the mean, with an average standard devi
ation of 29%. In general, clear spots yielded lower water contents than
cloudy spots, but there are several exceptions to this pattern.
Despite the large heterogeneity, it is apparent that on a whole water
content in the Antietam Formation is relatively high. The mean water
content in all 7 samples ranges from 160 to 500 ppm by weight
(1100–3300 H:106 Si), and the mean of all 7 samples combined is 290
ppm (1900 H:106 Si) (Table 3). These water content values are com
parable to “wet” quartz used in dislocation creep experiments, which
range from ~1000 to 10,000 H:106 Si (e.g., Kronenberg and Wolf, 1990;
Paterson and Luan, 1990; Gleason and Tullis, 1995; Stipp et al., 2006).
They are also similar to water content values in naturally-deformed
quartz inferred to have undergone hydrolytic weakening (Nakashima
et al., 1995; Finch et al., 2016; Kronenberg et al., 2020), but are lower
than some values documented in natural shear zones (e.g., Kronenberg
and Wolf, 1990; Kronenberg et al., 1990). In all samples the Antietam
Formation water content is notably higher than values determined for
natural samples of “dry” quartz, which are typically ~20–200 H:106 Si
(e.g., Kronenberg and Wolf, 1990; Gleason and DeSisto, 2008; Menegon
et al., 2011; Kilian et al., 2016).
The relationship between water content and strain is unclear, but
overall there is a pattern of decreasing water content and variability of
water content with increasing strain (Figs. 12, 13). This pattern is most
evident in the 4 highest strain samples analyzed via FTIR, and the
highest strain sample (150602-3) records the lowest root mean square
water content (Fig. 13). This trend is opposite of what might be expected
if hydrolytic weakening were largely responsible for strain (e.g., Kro
nenberg et al., 1990; Nakashima et al., 1995; Gleason and DeSisto,
2008). However, other studies have also noted a clear decrease in water
content with strain in naturally-deformed quartzites (Finch et al., 2016;

4.3. Temperature of deformation
4.3.1. Zircon (U–Th)/He thermochronology and thermal modeling
We employed zircon (U–Th)/He thermochronology (ZHe) to assess
the thermal history of the Antietam Formation with the goal of con
straining the timing and temperature of penetrative deformation. Five
zircons from high strain sample 14-11-6 (Table 1, Fig. 6) were randomly
selected for (U–Th)/He analysis at the Thermochronology Research and
Instrumentation Laboratory at the University of Colorado Boulder (see
Stanley and Flowers, 2016 for a description of laboratory techniques).
The ZHe dates are 306 Ma, 312 Ma, 331 Ma, 331 Ma, and 453 Ma with a
2σ error of ±7% (Table 4). The anomalously old ~453 Ma grain is much
smaller and rounder than the other grains and has a higher effective
uranium concentration (eU = 252) and lower alpha ejection correction
(Ft = 0.73, Table 4). Accordingly, we consider this grain an outlier and
focus our thermal modelling on the 4 zircon grains that range from 306
to 331 Ma, which have a mean date of 320 Ma with a standard deviation
of 13 Ma.
Low-temperature thermochronometric dates reflect the integrated
thermal history experienced by each grain. When a mineral cools at a
constant rate from a high temperature, the observed date can be reliably
interpreted to reflect cooling through an effective closure temperature
isotherm (~180 ◦ C for zircon, depending upon cooling rate; Dodson,
1979; Reiners et al., 2004; Reiners and Brandon, 2006; Wolfe and
Stockli, 2010). In more complex scenarios, such as when cooling his
tories are non-steady or involve reheating that results in the partial loss
of daughter product, the geologic significance of thermochronometric
data is less clear. In these cases, numerical models can provide insight
into thermal histories consistent with the observed data.
Table 4
Zircon (U–Th)/He data from Antietam Formation sample 14-11-6. eU = effective
uranium (U + 235Th). FT = alpha ejection correction calculated using the
method of Ketcham et al. (2011). Corrected date is the alpha-ejection corrected
date in Ma. Uncertainty is the full 2σ uncertainty.

Fig. 13. Plot of root mean square (RMS) water content in ppm by weight vs.
octahedral shear strain magnitude (Ɛ) for 7 Antietam Formation samples.
13

Sample

eU

Ft

Corrected Date (Ma)

Uncertainty (Ma)

14-11-6_z01
14-11-6_z02
14-11-6_z03
14-11-6_z04
14-11-6_z05

65.6
199.0
252.5
107.0
78.5

0.884
0.886
0.729
0.879
0.882

330.9
330.8
452.5
306.1
312.1

23.4
23.6
31.6
21.7
22.2
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Fig. 14. Results from inverse thermal modelling of zircon thermochronology data in HeFTy (Ketcham, 2005), using (U–Th)/He data in Table 4 and a zircon fission
track date from sample SNP-32 in Naeser et al. (2016). A) Model time-temperature constraints (black boxes) and 1,000 good paths (gray). The 3 bold colored paths
are the 3 best fits to the data as defined by the HeFTy model. See text for details on model constraints. B) Maximum Paleozoic temperature vs. time of maximum
temperature from the 1,000 good paths shown in A). Contours of data density were created using a two-dimensional kernel density algorithm (Botev et al., 2010). C)
Histogram of maximum Paleozoic temperature for all 1,000 good paths (red) and good paths that have maximum temperatures within ~350–320 Ma (blue), the most
likely timeframe of penetrative deformation in the western Blue Ridge. D) Cumulative distribution of maximum temperature values from data in C). (For inter
pretation of the references to color in this figure legend, the reader is referred to the Web version of this article.)

To explore thermal histories consistent with available thermochro
nometric and geologic data, we utilized the modeling program HeFTy
(Ketcham, 2005). For a given time-temperature history, HeFTy can
predict fission-track and (U–Th)/He dates that can be compared to
observed dates to assess the quality of the fit. Using an inverse modelling
approach, HeFTy can randomly generate many model time-temperature
history paths and identify those that provide the best match to the
observed data. Although model results are non-unique, as many possible
time-temperature paths may produce a similar date, modeling can place
bounds on the possible range of time-temperature histories.
We incorporated known geologic constraints into inverse modeling
of the Antietam zircon data (Fig. 14A). Zircon U–Pb data from the
Chilhowee Group are comprised almost entirely of grains between 1250
and 1000 Ma, indicating a Grenvillian affinity (Thomas et al., 2017). In
HeFTy, the thermal history for each zircon grain initiates at a temper
ature >320 ◦ C before 980 Ma, above the fission track partial annealing
zone. All grains must have been exhumed by the latest Proterozoic to
earliest Cambrian, prior to deposition of the Antietam Formation.
Biostratigraphic constraints place deposition of the Chilhowee Group
between 563 and 516 Ma (Smoot and Southworth, 2014). In HeFTy, our
thermal histories are required to pass through a temperature <25 ◦ C
sometime during this time interval. Post-depositional burial must have
heated the Antietam Formation. The Chilhowee Group is

stratigraphically below a thick section of Paleozoic marine strata,
including several kilometers of Cambrian to Ordovician strata that were
deposited along a passive margin during a tectonically quiescent period.
This passive margin shelf was drowned during the Ordovician Taconic
Orogeny, the onset of which is recorded by flysch deposits of the Mar
tinsburg Formation (Bradley, 1989). In the Front Royal area the base of
the Antietam Formation was buried beneath ~2.8–4.1 km of strati
graphic section prior to deposition of the Martinsburg Formation
(Wickham, 1972; Rader and Biggs, 1975; Lukert and Nuchols, 1976;
Fichter et al., 2010). Based on pre-Taconic burial, we constrain the
Antietam Formation zircons to pass between 70 ◦ C and 145 ◦ C at the
onset of Martinsburg Formation deposition (middle to upper Sandbian,
~455 Ma; Ross et al., 1982). After this time, the zircons must have been
heated >160 ◦ C to partially or fully reset the zircon (U–Th)/He system.
The final constraint applied to our thermal model is that the rocks are
required to reach near-surface conditions (T < 25 ◦ C) sometime in the
past 50 Myr.
In addition to data from 4 zircon (U–Th)/He analyses, our inverse
HeFTy model also incorporates a published 611 ± 105 Ma zircon fissiontrack date from a Harpers Formation sample collected ~430 m SSE of
our zircon (U–Th)/He sample (Naeser et al., 2016). Independent of the
thermal model, this date indicates that strata directly below the Anti
etam Formation were never heated enough to fully anneal Proterozoic
14
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zircon fission tracks. We generated 1000 “good” time-temperature paths
in HeFTy and calculated the maximum Paleozoic temperature achieved
by each path (Fig. 14A and B). The vast majority of peak temperatures
from these paths are between 180 ◦ C and 310 ◦ C, with a mode of
270–280 ◦ C (Fig. 14C). The timing of peak heating varies between ~310
Ma to 450 Ma without a clear mode (Fig. 14B). In general, paths that
have earlier peak heating are associated with higher maximum tem
peratures (Fig. 14B). The three best fits to the data out of the 1000 good
paths yield a peak temperature ranging from ~210 to 300 ◦ C at
~370–330 Ma (Fig. 14A). White mica (muscovite/sericite) 40Ar/39Ar
dates from the Virginia Blue Ridge largely cluster between ~350 Ma to
320 Ma (Bailey et al., 2007b; Jenkins et al., 2012; Bailey, 2016). In the
western Blue Ridge, these dates are interpreted to record the timing of
mica growth and penetrative deformation (Bailey et al., 2006, 2007b;
Jenkins et al., 2012; Bailey, 2016). Accordingly, it is likely that the
penetrative strain in the Antietam Formation also occurred in this
Mississippian window, in between the time interval typically assigned to
the Acadian and Alleghanian orogenies. Model peak temperatures that
fall within this preferred ~350–320 Ma window primarily range from
190 ◦ C to 290 ◦ C, with a mean peak temperature of 240 ◦ C ± a standard
deviation of 32 ◦ C (Fig. 14C). Approximately 97% of these paths yield
peak temperatures ≤290 ◦ C (Fig. 14D). The thermal model does not
favor a specific temperature below 290 ◦ C, but we interpret the model to
provide strong evidence that penetrative deformation in the Antietam
Formation occurred below 290 ◦ C.

Water content, strain rate, and strain geometry also most likely in
fluence c-axis opening angles. At a given temperature, higher degrees of
hydrolytic weakening, slower strain rates, and a greater component of
flattening strain should all contribute to larger opening angles (Law,
2014). Law (2014) suggests that the ±50 ◦ C error on the opening-angle
thermometer most likely encompasses uncertainty due to variable strain
rates and water contents in typical L-S tectonites. In S- and S>L tec
tonites, however, opening angles may be increased by several degrees
due to flattening strain (e.g., ~5◦ greater for pure flattening vs. plane
strain according to one numerical model from Lister and Hobbs, 1980;
Law, 2014). According to the Faleiros et al. (2016) calibration, a 1◦
difference in opening angle corresponds to 4.6 ◦ C difference in tem
perature. The quantitative relationship between strain geometry and
opening angle is not currently clear, but it is possible that opening angle
temperatures derived from the Antietam Formation c-axis patterns
slightly overestimate temperature.
4.4. Strain rate and strength profile
The strain rate during dislocation creep can be quantified with flow
laws, which relate strain rate to differential stress, temperature, water
fugacity, material parameters, and activation energy. Several studies
have developed constitutive strain rate equations for quartzite disloca
tion creep (e.g., Luan and Paterson, 1992; Gleason and Tullis, 1995;
Hirth et al., 2001, Rutter and Brodie, 2004, Tokle et al., 2019). However,
published quartzite flow laws may yield significantly different strain
rates for a given set of conditions, and the selection of which flow law to
apply is not straightforward. The high stress flow law parameters
developed by Tokle et al. (2019) appear to be particularly well suited for
estimating dislocation creep strain rates in the Antietam Formation
given deformation mechanisms and conditions we have documented.
This flow law provides a good fit to laboratory data of wet quartzite that
has undergone basal <a> slip at relatively low temperature and high
stress conditions (Tokle et al., 2019), consistent with Antietam Forma
tion deformation.
We modelled the strength profile of the Antietam Formation
assuming typical frictional slip criteria for a thrust regime after Byerlee
(1978), a vertical stress governed by an average overburden rock density
of 2600 kg/m3, a geothermal gradient of 25 ◦ C/km and a surface tem
perature of 15 ◦ C, dislocation creep based on the Tokle et al. (2019)
extrapolated fit quartzite flow law, and a water fugacity that varies with
temperature and a fluid pressure equal to the vertical stress (Fig. 15). For
strain rate calculations we estimate deformation temperatures in the
Antietam Formation to be ~250–280 ◦ C, which encompasses the ma
jority of temperatures calculated from c-axis opening angle thermom
etry and thermal modelling. We estimate stresses from dynamically
recrystallized grain size using the Stipp and Tullis (2003) piezometer
(~200 ± 59 MPa, Fig. 9), consistent with the Tokle et al. (2019) flow law
analysis. These constraints indicate a strain rate of ~10− 15/s− 1, ranging
from ~2 × 10− 16/s− 1 to ~8 × 10− 15/s− 1 (Fig. 15). For the same con
ditions the Hirth et al. (2001) quartzite flow law yields strain rates that
are nearly an order of magnitude faster (Fig. 15). Application of the
Holyoke and Kronenberg (2010) piezometer correction lowers the Tokle
et al. (2019) flow law strain rates by ~61%, with an average of ~4 ×
10− 16/s− 1. Given these constraints on strain rate and our strain analysis
results, we can calculate the strain time interval assuming steady state
dislocation creep. The 5 highest strain Antietam Formation samples
record an average axial shortening of ~50% (e = − 0.50), and dynami
cally recrystallized grain sizes in these samples correlate to an average
differential stress of ~215 MPa according to the Stipp and Tullis (2003)
piezometer (Table 1, Fig. 9). At ~10 km depth (~265 ◦ C) the Tokle et al.
(2019) flow law used in our model corresponds with a strain rate of
~1.7 × 10− 15/s− 1, which would accumulate 50% shortening in ~9 Myr.
This time interval is reasonable given the evidence for protracted
Mississippian tectonism in the Blue Ridge (e.g., Bailey et al., 2006).
In our stress profile model, the rock strength predicted by the Byerlee

4.3.2. Quartz c-axis opening angle thermometry
The opening-angle of quartz c-axes in the X:Z reference frame has
been calibrated for deformation temperatures between ~250 ◦ C and
1050 ◦ C (Kruhl, 1998; Morgan and Law, 2004; Law, 2014; Faleiros et al.,
2016). A linear relationship between opening angle and temperature
most likely reflects the temperature dependence of prism [c] vs. basal
<a> slip in quartz, with higher temperatures facilitating prism [c] slip
and reorientation of c-axes towards the fabric attractor. Temperatures
derived from opening angles are typically assigned a ±50 ◦ C error based
on uncertainties in the calibration and petrological thermometry,
although the true precision for this thermometer is not well known.
Five of the 6 Antietam Formation samples analyzed by EBSD yielded
moderately-to well-defined c-axis opening angles (Fig. 10). We esti
mated opening angles manually from these pole figures and by using the
automated symmetry analysis method of Hunter et al. (2018) in MTEX
(Table 3). Opening angles using the Hunter et al. (2018) method were
determined using two contour smoothing options (5◦ and 10◦
half-widths), resulting in 3 opening-angle estimates per sample
(Table 2). In 4 of the 5 samples the average opening angle yields tem
peratures between 245 ± 50 ◦ C to 298 ± 50 ◦ C based on the calibration
of Faleiros et al. (2016). One sample yielded an anomalously high
temperature of 386 ± 50 ◦ C, which is unrealistically high given results
from thermal modeling. This particular sample is notably lower strain
than the other samples analyzed via EBSD and has a larger component of
flattening strain (Table 2). Given the relatively low strain and CPO
strength, we consider this temperature estimate unreliable. The
remaining 4 samples have a mean temperature of 264 ◦ C, and the most
well-defined c-axis opening angles (samples 14-11-6 and 14-11-11) yield
temperatures of 255 ± 50 ◦ C and 245 ± 50 ◦ C. The highest strain sample
(150602-1) did not yield an opening angle, as c-axes form one broad
point maxima about the Z-axis (Fig. 10, Table 2). It is worth noting that
the c-axis opening angle thermometer has rarely been applied to samples
naturally deformed at <300 ◦ C. Deformation experiments by Tullis et al.
(1973) suggest that dislocation creep under low temperature/high strain
rate conditions results in development of c-axis maxima patterns,
whereas higher temperature/lower strain rate conditions result in
small-circle girdle distributions of c-axes and opening angles. In the
Antietam Formation samples, the mix of broad c-axis maxima and two
point maxima weakly connected by small circle girdles may represent
CPOs characteristic of natural quartz dislocation creep at <300 ◦ C.
15
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Fig. 15. Stress profile model of the Antietam Forma
tion. Blue lines are frictional sliding criteria for a
thrust regime based on Byerlee (1978) (σs = 0.85 σn
and σs = 50 MPa + 0.6 σn) and fluid pressure that is
70% (λ = 0.7) to 85% (λ = 0.85) of the vertical stress,
assuming an average overburden density of 2.6
g/cm3. The red curves are wet quartzite flow laws
based on the extrapolated fit of Tokle et al. (2019),
assuming a surface temperature of 15 ◦ C, a
geothermal gradient of 25 ◦ C/km, and a water
fugacity that varies with temperature and a fluid
pressure equal to the vertical stress (calculated using
T. Withers’ fugacity calculator, www.esci.umn.edu/pe
ople/researchers/withe012/fugacity.htm).
The
dashed green curves are quartzite flow laws derived
by Hirth et al. (2001). ė = strain rate in seconds. The
gray box outlines the temperature (~250–280 ◦ C) and
differential stress conditions we estimate for the
Antietam Formation, with stress derived from the
Stipp and Tullis (2003) quartz dynamically recrystal
lized piezometer of 9 samples (shown as the vertical
gray bars). (For interpretation of the references to
color in this figure legend, the reader is referred to the
Web version of this article.)

(1978) frictional sliding criteria near the brittle-plastic transition is
consistent with stresses inferred from grain size piezometry if fluid
pressure is ~70–85% of the vertical stress (λ = 0.7–0.85; Fig. 15). High
fluid pressure is also consistent with evidence for localized brittle
deformation in the 3 highest strain samples. Dynamically recrystallized
grain size in these 3 samples records a mean differential stress of ~232
MPa (using the Stipp and Tullis (2003) piezometer), most likely at a
depth of ~10 km (vertical σ ≈ 255 MPa = σ3 assuming an Andersonian
stress regime for thrust faulting; Anderson, 1951). Based on these con
ditions, to achieve brittle failure according to Byerlee’s Law where σs =
0.85 σn for σn < 200 MPa and σs = 50 MPa +0.6 σn for σn > 200 MPa
(also an approximation of typical Coulomb failure), a fluid pressure
equal to 75–90% of the vertical stress is required (Fig. 16).

in the hanging wall of a structurally lower thrust fault in the Late
Mississippian and/or Early Pennsylvanian.
Based on these observations and data, we propose that coaxial flat
tening in the Antietam Formation developed as a weak zone in the
hanging wall of the Happy Creek thrust fault and in the footwall of a
NW-vergent thrust system. This zone cut across stratigraphy but
potentially paralleled the Happy Creek thrust fault below and the
basement-involved thrust system above. Coaxial flattening may have
initiated in response to tectonic burial by the NW-vergent thrust system,
along which noncoaxial shear was focused. To localize coaxial strain in
this zone, however, a weakness discordant to stratigraphy must have
developed. The high strain zone appears to be localized near the top or
structurally just above a breccia zone in the Antietam Formation (Fig. 2).
These breccia zones may have multiple origins (Stose et al., 1919;
Southworth et al., 2009; Carmichael et al., 2017), but the map distri
bution of breccia along the trace of the Happy Creek thrust fault suggests
at least a component of this breccia zone is associated with thrust
deformation along the fault (Wickham, 1972; Rader and Biggs, 1975).
The high fracture porosity in this breccia zone may have facilitated fluid
infiltration into the Antietam Formation near the top of the zone,
creating a hydrolytically weakened zone that localized penetrative
strain. If correct, this structural model indicates that discrete coaxial
shear zones may develop due to fluid infiltration and hydrolytic weak
ening facilitated by brittle deformation.

5. Discussion
5.1. Structural context of coaxial strain in the Antietam Formation
The high-strain zone we have documented in the Antietam Forma
tion developed primarily as a discrete zone of coaxial flattening, perhaps
locally associated with a component of top-NW shear (e.g., based on
crystallographic fabrics in sample 15-6-8, Fig. 10). Penetrative fabrics in
this zone are oriented at a high angle to bedding but record evidence for
folding about a gently NE-plunging axis (Figs. 2, 3), indicating that
development of this high strain zone postdated some but not all folding
of Cambrian units in this part of the Blue Ridge. The high angle between
bedding and these fabrics indicates that the high strain zone cuts across
stratigraphy, and that strain was not localized parallel to mechanical
stratigraphy (Fig. 2). Zircon (U–Th)/He data and thermal modeling
suggest that this penetrative strain developed coevally with Mississip
pian NW-directed shortening in the Blue Ridge basement but prior to
Alleghanian shortening of the Appalachian foreland fold-and-thrust belt
(Table 4, Fig. 14). As shortening migrated westward into the Valley and
Ridge, the high strain zone was most likely folded and rapidly exhumed

5.2. Low-temperature dislocation creep in quartzite
We have presented evidence that dislocation creep is the dominant
deformation mechanism in the Antietam Formation high-strain zone,
with basal <a> glide accommodating the majority of penetrative strain.
Widespread development of deformation lamellae and minor subgrain
development, grain boundary bulging, and dynamic recrystallization
also record crystal plasticity. This crystal plastic strain occurred in “wet”
conditions with high intragranular water content, differential stresses
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Fig. 16. Mohr diagram modelling stress and fluid pressure required for brittle failure of the Antietam Formation near the brittle-plastic transition. The differential
stress (σd, diameter of the Mohr circle) is based on the Stipp and Tullis (2003) piezometer for a mean dynamically recrystallized grain size of ~3.8 μm in the 3 highest
strain Antietam Formation samples, which record evidence of brittle-plastic deformation. The frictional sliding envelopes are based on Byerlee’s Law for normal
stress <200 MPa (σs = 0.85 σn) and >200 MPa (σs = 50 MPa +0.6 σn), where σs = shear stress and σn = normal stress (Byerlee, 1978). λ = the pore fluid pressure ratio
required for brittle failure of an optimally oriented fracture (= pore fluid pressure/vertical stress), illustrated by the critical effective stress (blue Mohr circles). (For
interpretation of the references to color in this figure legend, the reader is referred to the Web version of this article.)

that were likely ~200 ± 59 MPa, and temperatures below the oft-cited
~300 ◦ C for the quartz brittle-plastic transition. The most well-defined
c-axis opening angles suggest a deformation temperature of ~250 ◦ C,
and the mean temperature from all clear c-axis opening angles is ~264
◦
C. Our thermal modeling indicates that maximum temperatures in the
likely deformation timeframe (350–320 Ma) were <290 ◦ C, and the
average maximum temperature generated by good-fit time-temperature
paths in this timeframe is ~240 ◦ C ± 32 ◦ C. Taken together, we suggest
that the deformation temperature was ~240–290 ◦ C and most likely
~250–280 ◦ C. These temperatures are low for quartzite that has un
dergone a significant amount of dislocation creep, but they are not
anomalous for strained quartz-rich rocks in a thrust regime, where the
brittle strength of the crust is typically high. Several studies have sug
gested quartz dislocation creep in a thrust regime may occur at these
temperatures (Voll, 1976; Dunlap et al., 1997; van Daalen et al., 1999;
Trepmann and Stöckhert, 2009; Kidder et al., 2012), and we note that
the temperature and differential stresses we estimate for the Antietam
Formation match those estimated for the quartz brittle-plastic transition
in a study by Kidder et al. (2012). Based on our constraints on defor
mation conditions and an appropriate wet quartzite flow law (Tokle
et al., 2019), we estimate plastic strain rates to be ~10− 15/s− 1 with a
range from ~2 × 10− 16/s− 1 to ~8 × 10− 15/s− 1 (Fig. 15). These strain
rates are relatively slow but still within the normal range for most shear
zones, which typically record strain rates between 10− 11/s− 1 and
10− 15/s− 1 (e.g., Pfiffner and Ramsay, 1982; Carter and Tsenn, 1987;
Behr and Platt, 2014). The peak strength recorded by dynamic recrys
tallization near the brittle-plastic transition matches the strength pre
dicted by typical (Byerlee, 1978) friction where fluid pressure is high

(~70–85% of the vertical stress; Fig. 15). This high fluid pressure is
independently supported by evidence for brittle failure in the highest
strain samples, requiring a fluid pressure of 75–90% of the vertical stress
for Byerlee (1978) frictional sliding and typical Coulomb failure criteria
(Fig. 16). High fluid pressure characterizes many thrust regimes (e.g.,
Hubbert et al., 1959; Davis et al., 1983), so none of the deformation
conditions we estimate for the Antietam Formation high strain zone
appear to be anomalous. The quantitative effects of intragranular water
content on dislocation creep are difficult to evaluate, particularly if
fluids migrate to grain boundaries during deformation, as we infer for
the Antietam Formation (section 4.2.2.). However, it is clear that
intragranular water content in the Antietam Formation is high
(1100–3300 H:106Si), although not anomalously high for “wet” quartz
(e.g., Kronenberg and Wolf, 1990), and associated hydrolytic weakening
undoubtedly helped facilitate dislocation creep at low temperatures.
Thus, low-temperature dislocation creep in the Antietam Formation was
enabled by relatively slow strain rates and high intragranular water
content, but these conditions are within the normal range of natural
quartzites in thrust regimes. The minimum temperature for quartz
plasticity is clearly not a fixed boundary and can be as low ~250–280 ◦ C
given certain conditions.
6. Conclusions
We present macro- and microstructural data, 3D strain analyses,
EBSD data, FTIR analyses, and low-temperature thermochronology data
to document the development of high strain fabrics in Antietam For
mation quartzite along the western flank of the Blue Ridge in northern
17
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Virginia. These high strain fabrics developed as a zone of coaxial flat
tening that cut across stratigraphy, potentially localized via hydrolytic
weakening from fluid infiltration above the Happy Creek thrust fault
breccia zone. Dislocation creep was the dominant deformation mecha
nism, with basal <a> glide accommodating most strain. Detailed FTIR
analyses indicate high intragranular water content (1100–3300 H:106Si,
or ~160–500 ppm by weight). This high water content likely enhanced
dislocation creep via hydrolytic weakening, although overall water
content appears to decrease with strain, suggesting water migrated to
grain boundaries during deformation. Quartz c-axis opening-angle
thermometry suggest deformation temperatures of 245 ± 50 ◦ C to
298 ± 50 ◦ C (mean value = 264 ◦ C). Thermal modeling of zircon ther
mochronology data indicate that peak temperatures were <290 ◦ C
during Mississippian deformation. Altogether these data suggest dislo
cation creep occurred at ~250–280 ◦ C, which is below what is typically
considered the brittle-plastic transition in quartz. Based on this tem
perature range and differential stresses from dynamically recrystallized
grain size piezometry (~200 ± 59 MPa), we estimate a strain rate of
~10− 15 s− 1. Peak stress near the brittle-plastic transition matches stress
governed by Byerlee’s Law (Byerlee, 1978) and high fluid pressure
estimated to be 70–85% lithostatic stress. High intragranular water
content and relatively low strain rates enabled dislocation creep to occur
at relatively low temperatures. Water content in natural shear zones is
usually unknown, but the water content values we determine for the
Antietam Formation high-strain zone are comparable to values in “wet”
quartzite used in deformation experiments. None of the deformation
conditions we document in the Antietam Formation appear to be
anomalous, suggesting unique circumstances are not required for quartz
dislocation creep to occur at such low temperatures.
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